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Surficial glaciology of Jakobshavns Isbrz,
West Greenland: Part II. Ablation, accumulation
and temperature
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ABSTRACT. Accumulation studies along the lowermost 100 km of Jakobshavns
Isbra show that the local net balance above the equilibrium line (1210m elevation
in 1986) is significantly less than that measured along the EGIG line about 100 km
further north. This indicates the presence of a precipitation low in this region which
will affect any global mass-balance assessment for the Jakobshavns Isbre drainage
basin. Comparison of the estimated calving and ablation fluxes shows that calving
removes about twice as much mass from this drainage basin as does melting. Basal
melting over the entire basin accounts for about 20% of the total ice loss by ablation.
Temperature measurements at 12 m depth along the same section of the isbra show
the warming effects of refreezing meltwater and cooling effects of severe crevassing.
In addition, there is a significant variation in temperature across the fast-moving ice
stream which is probably caused by deformation heating in the shear margins which
delineate the ice stream within the ice sheet. This lateral temperature gradient
could be important in ice-stream dynamics through its effects on ice rheology.
Detailed measurements within the percolation facics show that surface melt can
penetrate up to 3 m by piping in cold firn, and, upon refreezing, can cause significant

warming at these depths.

1. INTRODUCTION

Jakobshavns Isbrae is a large, fast-moving glacier/ice
stream which drains approximately 6.5% of the total
area of the Greenland ice sheet. It flows from an area
of dry, cold snow at high elevations, down through the
entire recognized sequence of glacier facies to an exten-
sive ablation area and on to its calving front. As such,
it provides an ideal system in which to investigate scv-
eral interesting glaciological problems, some of which are
of global concern: what is the current state of health
of the ice sheet? What are the effects of the refrecz-
ing of meltwater on the temperature regime of an ice
sheet? How will this refreezing buffer the response of
an ice sheet (and, ultimately, sea level) to a warming
climate? The first of these questions has been addressed
in relation to Greenland by several authors, from Bader
(1961) and Benson (1962) to Meier and others (1985)
and Zwally (1989), to name a few. No clear consen-
sus has been reached, mainly because of the paucity of
local mass-balance data around the ice sheet. The sec-
ond question has also been discussed by several authors,
including Miiller (1976), Hooke (1976) and Hooke and
others (1983). These authors showed that latent-heat re-
lease upon refreezing at and just above the equilibrium
line is a major source of warming in snow and firn, and
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that ice/firn temperatures in this region generally do not
represent the mean annual air temperature at the sur-
face. The third question has recently been brought into
discussion by Meier and others (1985) and Pfeffer and
others (1990). Unless impermeable ice layers are formed
near the surface, surface meltwater will be transported
into the cold firn where it refreezes and does not be-
come available for run-off. Only when the entire firn
pack down to some impermeable horizon becomes sat-
urated and warmed to 0°C will surface melt in the wet
snow and percolation facies be free to affect sea level.
Until then it is, for the most part, stored in the firn.

In this paper, the second in a three-part series on
the near-surface glaciology of Jakobshavns Isbra, we des-
cribe the local mass-balance and temperature regime of
the lower part of the glacier up to the wet snow /lower

percolation facies. Discussion in terms of the questions

posed above is given for each particular set of observat-
ions: local mass balance, near-surface ice/firn temper-
atures and a detailed study of temperature at a location
where downward infiltration and refreezing of meltwater
occur.

Local mass-balance and near-surface temperature
measurements in ice/firn were made at several locations
along the central flowline of the lower part of Jakobs-
havns Isbrae, from the floating terminus up to an elev-
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Fig. 1. Map of Jakobshawns Isbre showing the location of markers described in the text. Approx-
imate elevation contours are from H. Brecher and T. Hughes (personal communication). The
insert shows approximate drainage basin (from Bindschadler and others, 1989) and the EGIG

line.

ation of about 1600 m. Markers at these locations are
designated L1 to L36; their positions are shown in Fig-
ure 1. Longitudinal distance inland is measured along
the curving flowline with origin fixed at the center of
the grounding zone. The position and clevation of these
markers and the coordinate system have been described
in detail in the first paper of this series, designated Part
I (Echelmeyer and others, 1991). The third paper (paper
in preparation by K. A. Echelmeyer) is designated Part
I11.

2. ACCUMULATION, ABLATION AND
GLACIER FACIES

The climate of the lower part of Jakobshavns Isbra is
given a maritime component by its proximity to the sea-
sonally open water of Disko Bay and Davis Strait. Incid-
ent storm tracks come primarily from the southwest and
are often partially blocked by the intervening Sukkertop-
pen Ice Cap and topographic high. Much of a storm’s
moisture content could be dropped on this orographic
barrier (Bender, 1984). Thus, the drainage basin of
Jakobshavns Isbrae may lie in somewhat of a more “con-
tinental” precipitation shadow relative to the ice sheet
to the north in the vicinity of the EGIG traverse and to
the south near the Dye sites. This possibility has been
further discussed by Bender (1984), who described the
general storm tracks and proposed a precipitation map
for Greenland. Bender noted that there is a paucity of
data in the region of this Sukkertoppen Ice Cap shadow,
and therefore its existence has not been well defined.

170

https://doi.org/10.3189/50022143000009709 Published online by Cambridge University Press

From the 60km wide ablation area, Jakobshavns
Isbra: drainage basin ascends across the equilibrium line
into the region of superimposed ice, and then across the
wet snow, percolation and dry snow facies, as defined
by Benson 1962) and further amended by Williams and
others (1991). The first two, and the lower part of the
percolation facies, will be discussed here. The dry snow
facies occurs several hundred kilometers inland from the
coast to an elevation of about 2500m (Benson, 1962),
and thus, it is well removed from the region shown in
Figure 1.

Ablation and accumulation data were obtained in all
but the dry snow and upper percolation facies, primarily
by measuring stake heights. A few snow pits were made
and shallow ice cores were taken in the accumulation
arca during 1985. Density measurements made within
the snow pits are used to reduce accumulation data at
the stakes to water equivalent wherever possible. An ice
density of 900 kg m~ was used in the ablation area.

Balance measurements span 2 years (1984-86) at most
locations, with a few data sets extending to 1989. The
net mass balance over one balance year (in water equiv-
alent) is denoted b(ma~'). Although the beginning of
the balance year varies with elevation, it is taken to be 1
June. We have taken the balance year to be from the end
of the accumulation season to the end of the next accum-
ulation season, as opposed to that defined by the end of
the melt season, because this most closely overlaps the
dates of our field programs. However, the actual period
of measurement for some of the data presented does not
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coincide well with this “balance year” and some adjust-
ment was necessary.

Ablation

Periodic stake measurements within the ablation area
give a resonably accurate estimate of the rate of ablat-
ion and overall net balance because there is no internal
accumulation nor settling of the markers (which had cork
inserts to prevent melting of the pole into the ice). Ex-
cept at the lowest elevation, ~ 100 m, the error in balance
in the ablation area is about 0.1 ma~'. This error is
due to the necessity of extrapolating to the balance year
and to the rough surface topography in much of this
zone. The error at 100m a.m.s.l.,, #).3ma"!, is some-
what greater than elsewhere due to the large extrapol-
ation required from only 1 year’s summer measurements.

Net mass balance as a function of elevation is shown
in Figure 2. Strong ablation occurs at lower clevations.
The ablation gradient, dl')/dz, was about 3.8ma~! km™'
(or 380gem™2a~'km™') within the ablation area up
to an elevation of about 1210 m, excluding the value
at 100ma.m.s.l. Similar gradicnts were obtained by
Bauer (as cited by Ambach (1977)) in 1958-59 along
the EGIG line, approximately 60 km north of our cen-
tral flowline (db/dz ~ 34ma~'km™!) and by Thomsen
(1984) during 1982-83, also near the EGIG line (db/dz ~
3.5ma~'km™). Ablation rates during July and early
August from 1984 to 1988 were given by Echelmeyer and
Harrison (1990, fig. 5), with peak daily rates of about
44mmd~! w.e. at low elevations and about 15mmd~!
w.e. at 1000 m. These daily rates agree well with those
determined by Ambach (1977), but are up to twice those
measured by Thomsen in 1982-83. As Thomsen (1984)
noted, the summer of 1983 was abnormally cool and
stormy, with a mean temperature of 5.4°C at the coastal
station in Jakobshavn, compared with 7.0°C in 1959, for
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Fig. 2. Local annual mass balance in meters
(water equivalent) per year. Measurements
were made along the central flowline up to the
equilibrium line, and along various transverse
profiles through this central flowline above the
equilibrium line. Triangles represent the upper
5 year average from the snow pits and cores
made in 1985 at L30 (left) and L36 (right).
Errors are discussed in the text. Solid line in-
dicates a best fit to the observations.
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example. Thus, much lower ablation rates would have
been expected during that summer.

Ambach (1963) and Braithwaite and Olesen (1990)
found that the predominant energy source for melting
in western Greenland is short-wave radiation. This en-
ergy flux is proportional to (1-a) where « is the ef-
fective albedo of the ice surface. The melting rate
on lower Jakobshavns Isbraz may be somewhat larger
than elsewhere because of the relatively large amount
of wind-blown dust which is present during the summer
months in this region. This dust comes from the recently
deglaciated, barren terrain surrounding this glacier and
is more pronounced than along the coastal region to the
north. In addition, the snowpack in the Jakobshavns
Isbrae region is thinner because it lies in an area of re-
duced accumulation, and this would increase the overall
melt in the ablation arca. These factors could also affect
the ablation gradient.

The period of surface melting on the lower part of the
glacier is approximately early June through late August,
with a decreasing duration and later onset at higher el-
evations. During the carly part of this season the thin
(<1m), patchy snow cover in the ablation arca is melted.
An estimate for the entire melt season of the input of
surface meltwater to the hydrologic system from Jakobs-
havns Isbra drainage basin may be obtained by integ-
rating the melt over the ablation area, including the
melting of winter snow, using the width of the basin
and ablation rates from Echelmeyer and Harrison (1990).
This ablation flux is 8 15 km® water per year, the uncer-
tainty being dominated by the undetermined increase in
surface arca due to intense crevassing. A small amount
of run-off comes from the region of superimposed ice and
wet snow above the equilibrium line. This was partially
accounted for by continuing the integration of ablation
up to an elevation of about 1300m (where the ELA is
1210 m), which adds about 0.5km® a™! to the total. The
actual line of no run-off is somewhat higher, but the con-
tribution of this additional run-off is negligible, especially
when the uncertainty arising from the increase in surface
area due to crevassing is considered. The total ablation
flux is approximately 4-7% of the total surface meltwater
flux of the Greenland ice sheet as estimated by, for ex-
ample, Benson (1962, p. 89) and Rech (1985).

An additional input of meltwater comes from basal
melting along the ice stream.  Calculations (e.g.
Radok and others, 1982; paper in preparation by K. A.
Echelmeyer, M. Funk and A. Iken) suggest that the
basal ice reaches the melting point about 250-300km
inland, and that there is a layer of temperate ice of
finite thickness at the bed from 150km inland to the
coast. Meltwater is generated by deformational heating
along this part of the flowline. Echelmeyer and Harri-
son (1990) calculated an input of about 2-3km®a~! from
this source, distributed throughout the year. There will
also be some basal melting along the floating ice tongue.
These calculations show that, while surface melting is
the dominant source of fresh water from the basin, basal
melting may be as much as 20% of the total surface melt.
This is large in comparison to most other temperate and
sub-polar glaciers. Indeed, basal melting in the region
where the bed is at the melting point (which is much
larger than the surface ablation area) amounts to an av-
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erage surface lowering of 0.06-0.08ma™! over this entire
region. This is significant considering the relatively small
positive surface balance above the equilibrium line.

Nearly all of the meltwater generated from both sur-
face and basal melting enters the fiord near its head. It
can often be seen as an upwelling plume at the calv-
ing front (Echelmeyer and Harrison, 1990). The ensuing
downfiord fresh-water current helps force iceberg drift
along the ice-packed fiord. Additional downfiord motion
of the icebergs comes from push by the moving glacier in
the fiord and by wind. The salinity of water in the fiord
near the calving front is a strong function of this fresh-
water input. As such, it affects the surface elevation of
the floating terminus through buoyancy (Part I).

Much of the meltwater generated at the surface flows
into the supraglacial lakes. Some of the lakes do
not drain continuously; rather they appear to fill to
a given level and then drain at a rapid rate through
an unknown drainage system (personal communication
from T. Hughes and H. Brecher). The effect of such
supraglacial storage and delayed drainage on mass bal-
ance needs to be further investigated.

Equilibrium line

The equilibrium line was located at an average elevation
of 1210 m between 1984 and 1986. Its precise position
is difficult to determine, however, because large amounts
of superimposed ice are formed near this line, and it is
often difficult to decide whether or not all of this super-
imposed ice is melted by the end of the ablation scason
at a given elevation. During the summer, work on the
glacier surface near the equilibrium line is made difficult
by the presence of extensive, often deep, slush swamps
waiting to trap the unwary skier or snowmachiner. By
the later part of the melt season, these swamps extend in-
land across the superimposed ice facies and into the lower
wet snow facies. The superimposed ice zone extends from
about 1210 to 1350 m while the wet snow facies occurs
from 1350 to about 1500 m. The distinction between dif-
ferent glacier facies depends, in part, on whether or not
the entire snowpack reaches the melting point. For this
reason, the elevation bands for the different facies stated
here are somewhat subjective since only limited temper-
ature data are available from our measurements in the
lower part of the drainage basin, and because localized
meltwater piping can raise the firn temperature to 0°C
in the neighborhood of a “pipe” near a temperature sen-
sor, while not influencing the bulk firn temperature (as
described in section 4).

Equilibrium-line altitudes (ELA) near the EGIG line
have been given by several authors. Heuberger (1954)
reported an ELA of nearly 1500 m, while Ambach (1977)
and Bauer and others (1968) gave 1250 m for 1959 and
Thomsen (1984) gave 1030 m for 1983. The latitudinal
variation in ELA is likely to be small between our flow-
line and the EGIG line, and thus we may compare our
result directly with these values. Our 1985-88 value of
1210 m is close to that of Ambach and Bauer and others,
and considerably higher than that of Thomsen, whose
result was for a cool year. Braithwaite and Thomsen
(1983) have modeled the mass balance in western Green-
land. Their model suggests that the mean ELA over
the past 20 years in this region is around 1300 m, which
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is reasonably close to the observed values, except that
quoted by Heuberger (1954).

Realizing that errors involved in locating the equil-
ibrium line can be large in areas where superimposed
ice is formed and where temporal coverage of balance
throughout the year is limited, it is interesting to note the
large inter-annual variation in ELA shown by the above
values. Changes in short-term meteorological conditions
must give rise to these variations, and one must be ex-
tremely cautious when interpreting ELA fluctuations as
an indicator of climate change in such a region.

Accumulation

Accumulation above the equilibrium line was determined
by stake and snow-pit measurements. The determin-
ation of accumulation from stake-height measurements
is subject to stake movement in the firn and to densific-
ation errors, especially in the wet snow and percolation
facies. Therefore, the accumulation derived from these
stake measurements is a minimum estimate. A related
source of error is the possibility of internal accumulation
in the form of ice lenses and glands at depth. We have
used information from the shallow pits and cores to cor-
rect for this sub-surface accumulation wherever possible.
This is a chronic problem in most studies done in and
above the wet snow facies. As a result of the different
errors, the individual results presented here are believed
to have an accuracy of £0.01 ma™" locally.

Above the equilibrium line, over an elevation range
of 400m, the balance is relatively constant with a
mean value of about 0.35ma™!, corresponding to about
0.77ma"! firn of density 450 kg m™3 (Fig. 2). This feat-
ure of the accumulation data is in direct contrast to the
rapid change of local balance within the ablation area.

The large number of data points in the accumulation
area within a relatively small elevation band stems from
stake data collected along north—south traverses made at
L30 and L25. The data show significant scatter about the
smooth curve which is caused by spatial inhomogeneity
in snow cover. The scatter is on the order of £0.15ma™!,
which is greater than the error in an individual mcas-
urement (described above). A similar variation has been
found by others working in Greenland (e.g. personal
communication from I. Whillans), and it is significant in
that measurements made at a single location, be it at a
stake, in a pit or along a shallow core, do not necessarily
give a true estimate of the mean accumulation rate.

Preliminary analysis of snow-pit (3m) and ice-core
(up to 14m) stratigraphy from July 1985 suggests that
the mean annual balance over the previous 5 years is
roughly 0.30ma~! at L30 (1520ma.m.s.]. and even
lower, ~0.24ma™!, at L36 (1595 ma.m.s.l.), as shown
by the triangles in Figure 2. The balance as measured
by stake heights from 1985 to 1986 agrees fairly well with
these mean values, as does the slight decrease with alti-
tude indicated at our uppermost sites.

Along the EGIG line, Benson (1962) found that the
balance reached a maximum at about 2000m. In the
early 1950s, this maximum was about 0.57-0.60 ma™,
while at an elevation of 1700 m the balance was about
0.5ma~!. Unfortunately, Benson's data do not extend
to elevations less than 1746 m, while out data extend
only up to 1600 m. Thus, there is no overlap for direct
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comparison. However, if the data from Benson (1962) are
extrapolated down to 1600 m, a net balance of 0.50 m a~!
is obtained. This is 40% greater than the mean value of
0.35ma~! measured at this elevation in our study reg-
ion. Unfortunately, we have no data to confirm extrapol-
ation up to 2000 m, but our results do seem to indicate
that there may be a precipitation low which encompasses
much of Jakobshavns Ibrae drainage basin and the ice
sheet to the south, as originally proposed by Bender
(1984). Accumulation rates could be up to 40% lower
than those obtained along the EGIG line, which follows
the north margin of Jakobshavns Isbrae drainage basin.

An interesting feature of the snowpack during mid to
late summer in the elevation range from about 1300 to
1600 m, and possibly higher, is the presence of an ex-
tensive, nearly continuous ice layer at about 0.2-0.4m
depth. This ice layer is a few centimeters thick and
often prevents stake emplacement without drilling. In
pits at L29, L30 and L36, the ice layer was found at
a depth of 0.33, 0.30 and 0.49m, respectively, during
July 1985. The ice layer was 2-5cm thick at these loc-
ations. Numerous other ice layers were found at depths
below this, with some layers occurring between annual
surfaces. Cores were predominantly ice at a depth of
about 5, 9 and 10m at L29, L30 and L36, respectively.
The uppermost ice layer is probably an indication of the
infiltration horizon for surface melt. Its formation is fur-
ther discussed in section 4 and it may be related to the
maximum depth of infiltration noted by Pfeffer and oth-
ers (1990, p.238) in the Canadian Arctic.

Balance assessment of Jakobshavns
Isbree drainage basin

The mass-balance data obtained along the central flow-
line of lower Jakobshavns Isbra shows increased ablat-
ion and decreased accumulation in comparison to that
found along the EGIG line to the north. Calculations
of the mass flux for this basin will be strongly affected
by this reduction in balance, especially if it does exist
inland. Previous balance assessments for Jakobshavns
Isbree drainage basin, such as those by Bindschadler
(1984) and Pelto and others (1989), used accumulation
data from Benson (1962) along the EGIG line. Further-
more, Bindschadler (1984) did not take the negative bal-
ance in the ablation area into account. These balance-
flux calculations were then compared to the calving flux
estimated on the basis of an ice thickness at the calv-
ing front which was too large by 6-45% (Part I). These
comparisons indicated that the basin was in rough equil-
ibrium, with influx equaling outflow. However, the data
presented in this section indicate that the actual accum-
ulation at some locations in this basin may be up to
30-40% lower than used in these carlier studies.

If our data are combined with the accumulation map
of Bender (1984) and, if the newly revised drainage-basin
map of Bindschadler and others (1989) is used, a balance
flux at the terminus of 30.1km*a~! is obtained. If, on
the other hand, the balance data along the EGIG line are
used with the new basin dimensions, the balance flux at
the terminus is 37.2km® a™', a 24% difference.

For comparison, revised estimates of the calving flux,
based on improved estimates of the terminal ice thick-
ness (Part I) and velocity field (Part I1I), and including
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the flux of basal melt, are about 25-28km® a~!. Thus,
if a precipitation low encompasses the drainage basin,
as suggested by the balance data presented here and
by Bender (1984), Jakobshavns Isbra drainage basin is
about in balance within the errors of the flux estimates.
However, if the accumulation and ablation were to be de-
termined from the EGIG line data, a thickening of about
0.09ma~! over the entire 1.1x 10° km? basin is suggested.
This would be significant, as it is of the same magnitude
as the value of 0.2-0.3ma™" predicted by Zwally (1989)
and Zwally and others (1989) for the Greenland ice sheet
based on satellite altimetry.

While the above discussion is only approximate in nat-
ure, it points to the consequences of the reduced local
mass balance found in this study, and the need for fur-
ther accumulation measurements in the interior of this
drainage basin.

3. SURFACE ICE TEMPERATURE

Ice temperature near the surface along the glacier center
line was measured using thermistors and/or thermocoup-
les installed at various depths down to 14m in steam-
drilled holes. The accuracy of the thermocouple meas-
urements is 0.3 K, whereas the few thermistor records
are about an order of magnitude better. Unfortunately,
the idiosyncrasies of the steam drill did not allow all holes
to be drilled to the ideal depth of 14 m where, according
to Hooke (1976) and Hooke and others (1987), the mean
temperature in ice most closely approximates the mean
annual air temperature at the surface. Most holes did
reach a depth of 12m, however, and thus we report the
temperature at this depth, in some cases interpolated as
the mean near-surface ice temeprature, 7.

Observations showed that at this depth, and even at
14 m, there was significant seasonal variation. Further-
more, there is considerable structure in the temperature
profiles. The mean value at 12 m was about 0.2 K higher
than that at 14m. Seasonal temperature variation at
12m depth was on the order of 0.6 K about the mean,
while at 14 m it was somewhat less, as measured at a
few locations. At most sites, however, only one meas-
urement was made (well after any installation transient
had decayed (i.e. 1 month to 1 year)) and, thus, the
mean annual 7} could only be estimated. Because the
temperature was measured at least once during the sum-
mer period between 15 July and 30 August at almost all
sites, we report this value as T in the following analysis.

As examples of the variation in temperature with
depth and time, results at L.23 and L20, two points below
the equilibrium line at elevations of 1030 and 910 m, res-
pectively, are shown in Figures 3 and 4. The behavior at
different depths is complex, with the propagation of the
winter “cold wave” into the ice, the decay in amplitude
of the seasonal fluctuation with depth, and warming in
the snowpack by latent-heat release. In addition, a snow
layer of variable thickness of up to 10m occurs during
the winter and spring. This snow layer was not taken
into account when computing the depth to each sensor.
Thus, the “surface” temperature (“0” m) will be strongly
influenced by the snow layer, acting as both an insulator
in winter, and as a reservoir of refreezing meltwater in
the spring.

173


https://doi.org/10.3189/S0022143000009709

Journal of Glaciology

TEMPERATURE (°C)

-15 -10 -5 0
T T T 77777777777
28Aug84 .~
. 7777777777777
(7777777777777
-
el 8Jun 86 =
28 Feb 86 LY T
30 Jul 85 T
L
<-10 ©
o10m | ..

TEMPERATURE (°C)

-15 -10 -5 0
I S FITII7I77
31 May 86 by et
28 Aug 84 =1
oy
10 Jun 85 S dulEs =
L
l -4-10 O
! \ ™28 Feb 86
TH
5 1030m |

Fig. 3. Variation of temperature with depth
below the ice surface at different times of the
year as measured at L20 (910m a.m.s.l.) and
L23 (1030m). The ice surface is melting, so
its elevation changes from curve to curve.
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Fig. 4. Seasonal variation of temperature at
L23 as measured at various depths below the
ice surface. Curves are sinusoidal approxim-
ations through the data.
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At both locations the amplitude of the temperature
variation is ~1.4 K at 10 m, and 1.2K at 12m. The 12m
temperature is near its annual minimum in late summer,
thus being completely out of phase with the surface, and
it is about 0.6 K less than the mean annual temperature
at this depth. There are insufficient data to determine
this correction at other locations, but it is likely to be
similar below the equilibrium line. In contrast, in the dry
snow facies the phase reversal occurs at a depth of about
7m (Benson, 1962). At and above elevations where
superimposed ice forms, this correction term is likely
to differ because of latent-heat input (Hooke and oth-
ers, 1983). Therefore, we state only T; in what follows,
recognizing that the mean annual temperature at 12m
(and at 14 m) is likely to be up to 0.6 K higher than that
tabulated, depending on location and the time of meas-
urement. It should also be noted that at all elevations
(except near ~100m) the 10 m temperature at this time
of year was 0.2-1.0K lower than that at 12m, with the
greatest difference occurring near the equilibrium line.
We thus find that from the superimposed ice zone down
through the ablation arca there is a significant variation
in temperature at 10-12 m depth, and that it is difficult
to interpret the ice temperature at these depths in terms
of a mean annual “surface” temperature. The boundary
layer for seasonal variation varies in thickness inversely
with the ablation rate throughout the ablation area, as
is shown in the Appendix, and this will also affect the
interpretation of our results (as well as any data from
the ablation areas of other sub-polar glaciers).

The variation of T, with elevation along the glacier
center line from the floating terminal lobe upward to L36
is shown in Figure 5. Also shown in this figure are the
approximate boundaries of the various snow/ice facies.
The temperature decreases at a rate of about —7 Kkm™
with increased clevation, as shown by the line of best fit
in this figure.

This gradient may be compared with that obtained
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Fig. 5. Temperature at 12m depth along

the ice stream as measured in late summer.
The locations of the three labeled points are
shown in Figure 1. Line of best fit is also
shown. Facies boundaries are shown along up-
per boundary, where S is superimposed ice, W
is wet smow and P is percolation facies.
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at 10m). Lines of best fit through respective
data sets are shown.

by Benson (1962, fig. 37) along a traverse approximately
100km to the north (the EGIG line at ~70.4°N). Ben-
son found that dT,/dz = —9Kkm™! for clevations from
1600 to 3200m when measured at 10m in firn. Such
measurements should be comparable to our 12m val-
ues when the differing thermal properties of firn and ice
are taken into account (Hooke, 1976). Some of Benson'’s
(1962) data have been adjusted for latitudinal differences
(1.1K deg lat.), and are replotted along with the present
results in Figure 6.

The climatological lapse rate in mean annual air
temperature for western Greenland has been calcul-
ated by Ohmura (1987) who found that dT/dz =
—8.3Kkm™. This lapse rate is determined solely from
atmospheric measurements near the surface, and it is
nearly equal to the dry adiabatic lapse rate, indicating
that katabatic winds are important in mixing the atmos-
phere near the surface. It is interesting that the altitud-
inal gradient along the lower part of the glacier is smaller
than this, while that of Benson (1962), measured at high
elevations, is somewhat greater. This is true even though
Benson’s results from the dry snow and upper percola-
tion facies should be more representative of the mean
annual air temperature than ours which were taken in
zones where surface melting and refreezing of meltwater
oceur.

An explanation for the difference in our altitudinal
gradient and that of Benson (1962) lies in the fact that
our traversc spans several facies from the lower part of
the percolation facies, across the superimposed ice zone
and into the ablation area. In this case, the effects of
latent-heat warming are greatest along the upper reaches
of our profile, while the effects of intense, non-water-filled
crevassing, allowing the “cold wave” to propagate to a
greater depth in crevasse blocks, are greatest at lower
elevations. Other factors affecting the gradient along
our profile include the constraint that the ice temper-
ature is limited above by its melting point, whereas the
air temperature may be significantly warmer in summer,
and the idea that ablation removes a part of the cold
layer formed in winter (Appendix). For these reasons,
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we might expect our altitudinal gradient to be somewhat
less steep than would otherwise be the case, On the other
hand, Benson’s (1962) traverse goes from the dry snow
facies into the upper percolation facies where some lat-
ent heat is released. Thus, the temperatures at lower
elevations along that profile would be raised somewhat,
increasing d7; /dz. Benson’s lowermost data points show
signs of this warming at his lower elevations.

The data in Figure 5 scatter about a simple lincar
trend with elevation; there is significantly more scatter
than in Benson’s (1962) data from higher elevations. The
variation in temperature from a linear trend may be ex-
plainable by the factors mentioned above, as well as the
fact that some stakes were located off the ice-stream cen-
ter line in zones of high shear strain. The heating due
to refreezing amounts to about 2 K (the deviation from
the linear trend at about 1200 m), which is less than ex-
pected from other studies (e.g. Paterson, 1981, p.191;
Hooke and others, 1983).

Temperature across the ice stream

Temperatures from two locations, shown as triangles in
Figure 5, merit special comment. These locations were
on the north and south margins of the ice stream near
L23 and STR. The temperatures are about 4.5 K higher
than the center-line temperature (at STR) measured at
roughly the same time. All three locations are in the
ablation area, with similar winter snowpacks, so the
heating from refreczing melt and insulation should be
comparable at each site. The marginal sites arc a few
meters higher in elevation but which should not affect
the temperature significantly. Crevassing is stronger at
the marginal sites.

There are two possible explanations for these highly
clevated marginal temperatures. First, the latent heat
released by refreezing of meltwater trapped in the num-
erous crevasses may lead to higher temperatures. Sec-
ondly, there is very strong lateral shear between the
ice stream and the surrounding ice sheet at these loc-
ations (€, ~0.3 year™; sce Part III). The deformational
heating under a large transverse velocity gradient could
cause substantially higher temperatures at the margins.
The latter explanation is favored because many of the
crevasses, especially to the north, are not filled with
water and because other center-line sites where water-
filled crevasses are sometimes found (L18, L16) do not
show similar warming. Furthermore, Iken and others (in
press), found that borchole temperature profiles at depth
also vary strongly across the ice strecam, with temper-
atures through the upper half of an ice column at both
margins being elevated by several Kelvin relative to those
in the upper half of a column located at the center of the
ice stream.

The calculation of the temperature difference at shal-
low depths between the center of an ice stream and the
margins, where high shear strain rates and a large shear
stress (approximately 150 kPa at this location on Jakobs-
havns Isbrae) combine to produce substantial viscous
heating, is a complex problem. Several factors must be
taken into account, including: (1) the influx of ice from
outside the ice stream through the shear margins; (2) the
thermal boundary layer imposed by the air temperature
at the ice surface; (3) vertical advection, which either
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accentuates this boundary layer in an accumulation arca
or decreases its thickness in the ablation area; (4) the
distribution of viscous heating at depth; and (5) the non-
linear flow properties of ice. Analyses of the influence of
these facto:s on the temperature distribution across an
ice stream is in progress (paper in preparation by K. A.
Echelmeyer and W.D. Harrison). These authors show
that, in most cases, conduction plays a limited role in
determining the cross-stream temperature distribution,
and that, under favorable conditions, the margins of an
ice stream can be substantially (~5-10K) warmer than
the center, even at depths of 10-15m. Based on this
work, it is plausible that the temperature difference ob-
served across Jakobshavns Isbrze can be attributed, at
least in part, to viscous heating in the marginal shear
zones. The strong influx of ice across the margins can
be shown to be the most important factor determining
the magnitude of the transverse temperature difference
at this location.

The warmer ice temperatures at the margins means
that this ice will have a markedly reduced effective vis-
cosity compared to that on the center line (roughly three
times less at the margins than the center), even if the
effective stress levels were the same. This could lead to a
positive feed-back mechanism for ice-stream formation,
which acts in addition to that resulting from preferred
fabric strain-softening at the margins as, for example,
proposed by Hughes (1975) and observed on Jakobshavns
Isbrae by Quintana and Echelmeyer (1986). Both pro-
cesses will tend to localize the zones of high shear rate
at the margins.

4. REFREEZING OF MELTWATER IN FIRN

Understanding the thermodynamics of the refreezing of
meltwater in cold firn is fundamental to any discussion
of the thermal regime of glaciers (e.g. Hooke and others,
1983) and for investigating the response of an ice sheet
to climate change in terms of mass balance, shifts in
the equilibrium line and the delayed outflow of increased
melt (Pfeffer and others, 1990). Because of the large
areal extent of the various melt-related facies, Jakobs-
havns Isbra drainage basin provides a setting for study-
ing phenomena related to this refreezing.

In particular, we were interested in (1) the melt-
related metamorphism of snow into firn and ice and
the formation of the extensive ice layer formed at shal-
low (£0.4m) depths in the lower percolation and wet-
snow facies, as was described in section 2, and (2) in
the transport of meltwater to greater depths by piping,
such as has been discussed by Benson (1962), who ob-
served the penetration of meltwater to depths in excess
of 2m in cold (~-20°C) firn by the formation of vertical
ice glands or “pipes”. To this end, we installed a 3m
long thermocouple string at L30 (elevation 1520 m) dur-
ing the summer of 1986. Temperatures at depths of 0.25,
0.5, 1.0, 1.5, 2.0, 2.5 and 3.0 m were recorded twice daily
at local noon and midnight, from 19 June to 5 October,
using a data logger. The sensor string was emplaced in
a steam-drilled hole, which was back-filled with snow.
There was some accumulation of snow in the later part
of the summer, such that depths below the snow surface
on 6 October were 0.25 m greater than those listed above.
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On this date, an ice layer about 15 cm thick was present
0.68 m below the surface or 0.4m below the “summer”
surface. The temperature in the data-logger enclosure
was also recorded (we term this the panel temperature).
This enclosure was located at the surface on 19 June,
but was partially buried under fresh snow in October.
Its temperature could be significantly different from the
actual air temperature because of radiational warming
and insulation by the snow cover, but trends in temper-
ature should be representative. Overall accuracy of the
temperature measurements in the firn at this location
was about +0.2K.

A shallow snow pit was dug at this site on 6 October
1986, and the density measured. Excluding the fresh
snow on top, the mean density of the firn over the first
meter was 450 kgm™2, and the overall mean density, in-
cluding a 5 cm thick ice layer at 0.3 m, was 530kgm™. 1
year earlier, a 3m pit was cxcavated at the same site. At
that time the density was about 450 kg m™ excluding ice
layers. Inclusion of observed ice layers at depths of 0.30,
0.75, 1.05, 1.3, 1.8 and 2.25 m, which ranged in thickness
from 50 to 150 mm, leads to a mean column density of
490kg m™> for the upper 3m. We use an average firn
density of 450kgm™ for the following calculations.

TEMPERATURE °C

TEMPERATURE °C

TEMPERATURE °C

z= 15 2 258 3m

-150 1
DAY 170

7 I LS L | ! 1 1 1 1 1 =il 1 1 1 1 | G 1 1

190 210 230 250 270
JULY AUGUST SEPT

Fig. 7. Temperature measurements at shal-
low depths from 19 June to 7 October 1986.
Location is L30 (1520ma.m.s.l.). (a) Panel
temperature (inside enclosure at surface); (b)
0.25m depth; (¢) 0.5-3.0m depth. High-
frequency structure in (a); (b) is diurnal
temperature signal.
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The results of these temperature measurements are
shown in Figure 7. The panel temperature in the log-
ger enclosure shows a diurnal variation during much of
the summer. In early September, however, this diurnal
signature dies off, probably because the sensor became
buried by snow. Periods of thick fog eliminate the diur-
nal swings (e.g. day 197 to 203, or mid July). In late
August, the mean air temperature begins to drop, and,
except for a short period of surface melting (day 250 to
254), it undergoes a steady decline as winter approaches.

Air temperature provides forcing of the temperature
in the near-surface layers, both directly by conduction
and by meltwater production. Meltwater moves down-
ward to some depth before refreezing, thereby transfer-
ing heat to greater depths over short time-scales. The
effects of both processes are found in the data shown
in Figure 7. Diurnal fluctuations occur at a depth of
0.25m and, to a lesser extent, 0.5m, when the firn at
these depths is below 0°C. These fluctuations are due to
conduction through the snow from the surface and the
attenuation of radiational heating with depth. DBelow
this depth, “diurnal” fluctuations also appear; they are
probably caused by sensitivity of the logger. The large,
step-like changes in temperature at all depths down to
3 m are due to refreezing of percolating water within the
firn. These warming events occur periodically from mid-
June to early August and then once in early September.
The firn at 0.25 and 0.5 m becomes isothermal at 0°C for
about 1% months, and the temperature at 1.0 and 1.5m
reaches 0°C for two short, isolated periods, but does not
remain so at these latter depths, presumably because the
firn away from the thermocouple string at those depths
had not become saturated with melt. Below 1.5m the
firn is warmed substantially by refreezing, but the bulk
temperature never reaches 0°C.

Qualitatively, these measurements are useful for de-
termining which particular facies L30 is located in, and
for illustrating the difficulties in delineating facies bound-
aries from limited data. The annual snowpack at this site
is about 0.8-0.9 m thick, and only the upper 0.5 m or so
was raised to the melting point for any significant part
of the summer. At a depth of 1.0m the temperature
did reach 0°C on occasion, but did not remain there, de-
caying rapidly to a lower value. This implics that the
warming was only local in nature, and that the entire
year’s snow layer did not reach 0°C, with heat flowing
from the localized warming into the colder firn. Thus,
by definition, L30 is in the percolation facies, and not in
the wet-snow facies.

The temperature rise at all depths affected during the
warming events usually occurred within 12-36h of the
increase in surface temperature. The timing of meas-
urements precludes a resolution better than 12 h. Within
this resolution, there is no significant phase lag to the
onset of warming. The peak warming does show an in-
creasing lag with depth, however, amounting to about
3-4d over 3m.

The magnitude of the temperature rise varies with
depth and between events. During the rise beginning on
day 201 (20 July), which we refer to as “event 201”7, an
increase in temperature of 5.5 K was observed at 1.5m
depth. Above this depth the temperature rise was lim-
ited by the melting temperature, 0°C. During event 215
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Fig. 8. Magnitude of observed temperature
rise, AT, at various depths during the melt
events starting on days 201, 215 and 250.

the temperature became limited at 1.5m as well. The
variation in amplitude of the warming with depth for
three events is shown in Figure 8. Events 201, 215 and
250 show similar trends with depth. The magnitude of
the first two cvents is similar, while that for event 250 is
less than half the others. During event 250 the temper-
ature rise, AT, leveled off to a nearly constant value
at and above 1.5 m, which is a different behavior than
that observed during the other events. Also, as seen in
Figure 7, the temperature at 1.5 m does not follow the
usual pattern of maintaining a plateau for several days.
Instead it rises to a sharp peak and then decays nearly
exponentially.

Extrapolation of the data shown in Figure 8 suggests
that there is finite warming down to depths of 4 m at this
location. As will be shown below, the warming at depth
cannot be due to the conduction of latent heat released
near the surface only (say, within the top 0.5m), because
the time constant for diffusive heat propagation in firn
is weeks at these depths. Instead, some meltwater must
be infiltrating into the cold (T < —6°C) snowpack to a
depth of nearly 4 m. The upper layers are not necessarily
warmed to 0°C before melt reaches the deeper firn. A
meltwater front can only travel a short distance in cold
firn, this distance being on the order of 0.05 0.30 m (Col-
beck, 1976; Pfeffer and others, 1990). “Fingering” along
the front can only extend a few tenths of a meter beyond
this percolation front (e¢.g. Marsh and Woo, 1984). Thus,
it seems apparent that other mechanisms for meltwater
migration in the vicinity of our measurement site are at
play. Large-scale piping is a possibility. Similar mechan-
isms have been observed in even colder firn by Benson
(19G62).

The amount of meltwater that must refreeze at a given
depth to cause the measured warming there can be est-
imated by the following analysis, in which the effects of
conduction and latent-heat release are separated. Where
the temperature remains below 0°C and variations in
thermal conductivity can be neglected, the heat trans-
port is described by

arT

2 = —
&NV T = T

(1)
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where t is time, k is the thermal diffusivity and pc is
the volumetric heat capacity. This should be solved in
three dimensions, applying a 0°C boundary condition at
the surfaces of the pipes. However, because we have only
one-dimensional information, it is assumed in this theory
that the latent heat is released in a distributed fashion
with a variability only in depth z, and that Equation (1)
can be approximated by

T aT

"oz pe

where g(z,1) is the power per unit volume due to the re-
lease of latent heat. These approximations are rather
drastic, and the results should be interpreted accord-
ingly.

The thermal properties of firn are not well known.
The range of k for the mean density of 450 kgm™ as
obtained from the different formulae given by Pater-
son (1981, equations 10.1 and 10.2) is 4-9x10~ " m?s~!,
Here we adopt a value of 7 x 107" m?s™!, as obtained
from Hooke and others (1983). Furthermore, the density
varies with time because of refreczing meltwater. How-
ever, the errors introduced by assuming constant density
are much less than the above-quoted range in k from
different empirical formulae.

Because we are mainly interested in the total latent
heat released in an event, it is convenient to integrate
Equation (2) over the duration At of the event. The
duration is assumed to be independent of depth. The
result is:

82
6l = pc(AT = n(,}? /N T(z,t)dt) (3)

where

Qz) = fa ety

is the latent heat released per unit volume and AT is the
observed temperature change in the interval At since the
event began. The mass Am of water refrozen per unit
volume is given by

Am=Q/L (4)

where L is the specific latent heat of freezing,.

The second term on the righthand side of Equation
(3) can be estimated by using a three-point approxim-
ation for the second derivative. The requirements are
that at a depth of interest the temperature at adjacent
depths be known, and that all three temperatures are
less than 0°C; the latter condition is necessary for the
validity of Equation (2). This restricts the number of
depths which can be analyzed with the data. The re-
sults are summarized in Table 1. The columns labeled
“Ratio” in Table 1 show the ratio of the second term
in Equation (3), which is the heat accumulated by con-
duction at a given depth, to @, the latent heat released
there. Although latent heat dominates, the conductive
heat is seen to be significant in some cases.

The characteristics of the warming at a depth of 2.5m
during event 215 have been analyzed in some detail. The
results are shown in Figure 9, which illustrates the time-
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Table 1
Event 201 Event 215 Event 250
Depth  Am Ratio  Am Ratio  Am Ratio
m kgm? kgm kgm™
1.5 - - - - 7:1 0.43
20 119 882 = = 3.9 0.16
2.5 8.1 0.28 8.0 0.09 3.0 0.18
Total refreezing
(snow thickness)
0.05m 0.05 0.03

dependence of the amount of freezing and the ratio of
conductive to latent heat as functions of time. The
amount of refreezing, Am, approaches its asymptotic
value after roughly 3d. Then, at the time labeled by
“max” in Figure 9, the ratio of conductive to latent-heat
release is about 9%, and the maximum in temperature
(shown in Figure 7) occurs. This would be a reasonable
time to cut off the integration in Equation (3). If a longer
At is chosen, the asymptotic value of Am is unchanged,
as it should be, but the importance of conduction, and
therefore the errors involved in estimating it, increase.
The negative ratio early in this event indicates a loss of
heat by conduction at this depth.

Although we have sufficient data to evaluate the con-
ductive term in Equation (3) only for the depths listed in
Table 1, a rough estimate of @, and therefore of the re-
freezing Am, may be obtained at all depths by neglecting
the conduction term. Equations (3) and (4) then give

pe
Am =~ —AT. (5)
L
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Fig. 9. The mass of meltwater per unit vol-
wume which refroze at a depth of 2.5m during
event 215 (3 August), and the ratio of the heat
supplied by conduction to the heat supplied by
refreezing as functions of time.
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The errors in this approach, where they can be eval-
uated, range from 9 to 43%. Estimates of AT for
each depth and each event are given in Figure 8. If
these curves are integrated, and multiplied by pe/L, an
approximation for the total mass of refrozen water per
unit surface area is obtained for each event. In the last
line of Table 1 this is expressed as a snow-equivalent
thickness, using a density of 450kgm™. It is worth re-
calling that these results, although they seem reasonable,
are rough because of the approximations which have been
made.

These results, which are from the near-surface
temperature measurements in the percolation/wet-snow
facies during the melt season, are interesting in several
respects. Small amounts of meltwater are apparently
able to move through 3 m or more of firn that may be as
cold as -9°C and that has numerous 0.05-0.1 m thick ice
layers in it. At this location, there was an ice layer at
about 0.4m in October, which may possibly have been
equivalent to the extensive ice layer found throughout
this region. However, not all meltwater stops at this
shallow depth. Some finds its way to greater depths, and
the refreezing of this melt thus leads to internal accum-
ulation in at least the previous 3 years of firn, and to
densification of the firn.

As noted earlier, it is generally believed that
meltwater can “percolate” only about (0.05-0.1 m down-
ward into cold firn (Colbeck, 1976) and about 0.2 m fur-
ther by small-scale fingering (Marsh and Woo, 1984).
(By “percolate” we mean bulk infiltration of liquid water
into the permeable firn over a more or less continuous
front.) Our results show that water can penetrate more
than 30 times this far. Benson (1962, p.20) found pene-
tration depths of nearly 2m for meltwater into cold firn
(down to —20°C) as well. Benson showed direct evidence
for “piping” of liquid down to these depths, with subseq-
uent freezing into ice glands and lenses, and accompan-
ying warming of up to 10 K. Although we have no such
direct evidence, we believe that meltwater at L30 was
also able to penetrate by piping to 3m depth.

These results indicate that piping is a dominant mech-
anism for heat transfer in firn where there is surface
melting, and that piping can transfer meltwater and,
therefore, heat, past “impermeable” ice layers at depth.
As such, it is important in determining the meltwater
storage capacity of the firn and its impact on meltwater
outflow (and, hence, sea-level change) during prolonged
periods of warming. The formation of the extensive ice
layer at a depth of 0.4 m in this region is probably related
to the mean depth of piping and/or percolation. How-
ever, there also must be localized extremes such as that
observed at L30.

The discussion above is predicated on the cond-
ition that our observational set-up did not influence the
meltwater distribution. That the sensor string was em-
placed in a hole which was drilled using steam and neces-
sitated wires coming down from the surface may have, in
fact, provided a nucleus for a meltwater “pipe”. Liquid
may have been preferentially transported along the ex-
isitng structure. However, one must note that a 2 m long
pipe and lens structure observed by Benson (1962) in
much colder snow was not formed under disturbed con-
ditions. In any case, this discussion points to the need
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for continued observational and experimental investig-
ation of the processes of piping, using proper care in the
observational techniques. In addition, a more realistic
model of heat flow from a three-dimensional pipe should
be utilized.

5. CONCLUSIONS

Ablation within the Jakobshavns Isbra drainage basin
accounts for about 6% of the estimated total meltwater
flux of the Greenland ice sheet, which is about the same
as the proportion of the total ice-sheet area occupied by
this drainage basin. This implies that this basin pro-
vides a representative sample of the mass balance of the
ice sheet as a whole. The ratio of the calving flux (Part
IIT) to ablation flux (both surface and basal melting),
designated “CAR”, is about 2. Many tide-water/calving
glaciers have much larger values of CAR, and the rel-
atively low value found for Jakobshavns Isbra indicates
the relative importance of its large ablation area in deter-
mining the outflow of mass from this glacier/ice-stream
system. Basal melting beneath this fast-moving glacier
provides a substantial fraction of its total melt, roughly
20%.

The equilibrium line occurred at an elevation of
1210 m during the period of study (1984-86). Compar-
ison with measurements taken along a line about 60 km
to the north (Ambach, 1977; Thomsen, 1984) shows that
the ELA varied over a range of 200-300m during a per-
iod of about 40 years. This variation is related to inter-
annual meteorological variations, and is clearly not easily
interpreted in terms of a changing climate.

Accumulation is lower than expected by extrapolation
from the results of Benson (1962) about 100km to the
north. This may indicate the presence of a precipitation
low in this region of the ice sheet, as predicted by Bender
(1984). The existence of such a zone of low accumulation
would significantly affect any regional mass-balance est-
imate for Jakobshavns Isbrz drainage basin. Compar-
ison of the measured calving flux (Part IIT) and the est-
imated balance flux at the terminus shows that either
the ice sheet in this region is nearly in balance, if a pre-
cipitation low is assumed, or it must be thickening at a
rate of about 100 mm year™ if the accumulation is ex-
trapolated from the results found along the EGIG line.
Further data must be acquired within the drainage basin
to answer this question.

Turning now to the temperature measurements, we
have seen that the 12 m temperature exhibits an altitud-
inal gradient whose magnitude is somewhat less than
both that predicted by Ohmura (1987) based on climat-
ological data only and that found by Benson (1962) at
higher elevations. However, the difference in gradients is
not large. This is interesting in that the combined effects
of: (1) ablation in removing the winter’s cold layer, (2)
latent-heat release by refreezing in the firn, (3) buffer-
ing of the warm summer air temperatures by the melt-
ing point, and (4) the cooling associated with intense
crevassing along the ice stream, could be expected to sub-
stantially alter the signature of the climatological lapse
rate in the near-surface ice. The magnitude of warming
in the wet-snow facies is not as large as might be ex-
pected from other studies on polar and sub-polar glaciers
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(e.g. Paterson, 1981). This may be due to a thin winter
snowpack.

There is strong variation in temperature across the
ice stream which may be related to deformational (shear)
heating along the margins. Higher temperatures near the
margins will help localize the ice stream through positive
feed-back of the reduced ice viscosity, and, as such, will
play an important role in the stability of an ice stream
within an ice sheet.

Refreezing of meltwater produces warming down to
substantial depths in cold firn. This is shown by meas-
urements within the upper wet-snow/lower percolation
facies, where piping of meltwater affected temperatures
down to a depth of 3-4m. Piping and refreezing of sur-
face meltwater provide the source for internal accum-
ulation within previous years’ firn layers. Of course, not
all meltwater is “piped” to these depths, as is shown by
the presence of a pervasive ice layer at a depth of 0.3~
0.4 m in the wet-snow and lower percolation facies. The
relationship between meltwater transport to depth via
piping and infiltration to shallow depths needs further
investigation before the effects of increased surface melt-
ing on sea level can be addressed.
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APPENDIX

THE DEPTH OF SEASONAL TEMPER-
ATURE VARIATION

The effect of ablation on the depth at which the secas-
onal temperature variation is reduced to 1/e of its sur-
face amplitude is illustrated by the following model. The

temperature T is described by
0*T af ar
+a—=

il =

where 2z is depth, ¢ is time, & is the thermal diffusiv-
ity and a is the ablation rate in ice-equivalent units. a
is taken to be equal to the upward velocity of the ice.
For simplicity, it is assumed that a is constant through-
out the year. The solution for a time-harmonic surface-
temperature condition has the form
T o« Refe™!+<) (A2)

where w is the angular frequency corresponding to a per-
iod of 1 year, and the complex argument ¢ satisfies
ke +ac—iw=0. (A3)

Solving Equation (A3) for the real part of ¢, subject

to the constraint that the solution, Equation (A2), dies
off at large depth, yields

Re{c} = (2%)1 [1 e (2:&)% 5 % + } . (A4)

The characteristic penetration depth (i.e. the exponen-
tial decay factor) for seasonal temperature variations, zp,
is given by —1/[Re{c}], or

- (ij) [1 - (2:5)%

where T' ox ¢~*/*, The quantity (2k/w)? is the character-
istic depth when the vertical velocity, or ablation rate, is
zero (see, for example, Paterson, 1981). The correction
terms reduce this depth by about 5% when @ = 1ma™!
and by 16% when a = 4ma~!. There will also be a
phase shift of the temperature response at depth assoc-
iated with the imaginary part of c.

3 a*

i ———} (A5)
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